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ABSTRACT

Ocean Drilling Program Site 882 (50°22'N, 167°36'E) in the northwest Pacific is an excellent site to monitor changes in the
surface- and deep-water circulation. Site 882 provides the first high-resolution GRAPE density, magnetic susceptibility, carbonate,
opal, total organic carbon, and foraminifers (planktonic and benthic) stable isotope records between 3.2 and 2.4 Ma in the North
Pacific Ocean. We observe a dramatic increase in ice-rafting debris at Site 882 at 2.75 Ma, which is coeval with that found in the
Norwegian Sea, suggesting that the Arctic and northeast Asia were significantly glaciated from 2.75 Ma onward. At Site 882 this
major change was accompanied by a dramatic drop in sea-surface temperatures (>7.5°C) and opal mass accumulation rates (five-
fold decrease), and is overlain by a more gradual long-term decrease in both total organic carbon and CaCO3 MARs. We suggest
that the onset of Eurasian Arctic and northeast Asia glaciation is about 100 k.y. before the glaciation of Alaska and 200 k.y. before
the glaciation of Greenland and the northeast American continent. We suggest that the initiation and intensification of Northern
Hemisphere glaciation was forced by changes in the orbital parameters: in particular, the gradual increase in the amplitude of
obliquity from 3.5 to 2.5 Ma and a sharp rise in the amplitude of precession and thus insolation between 2.8 and 2.55 Ma.

INTRODUCTION

Ocean Drilling Program (ODP) Site 882 in the North Pacific Ocean
is located at the northern end of the Emperor Seamount Chain, on the
western flank of the Detroit Seamount (50°22'N, 167°36'E) in a water
depth of 3244 m (Rea, Basov, Janecek, Palmer-Julson, et al, 1993; Fig.
1). This site provides the first high-resolution carbonate, opal, total
organic carbon (TOC), and foraminifer stable isotope records between
3.2 and 2.4 Ma in the North Pacific. The sedimentation rate at this site
varied between 3.2 and 2.4 Ma from 12 to 4 cm/k.y., with a major drop
in the sedimentation rate occurring at about 2.75 Ma (Tiedemann and
Haug, this volume). These sedimentation rates are sufficient, with the
sampling density of 30 cm, to depict the Oceanographic variability
in the range of Milankovitch orbital forcing. High-resolution proxy
records of GRAPE density, magnetic susceptibility, CaCO3, and bio-
genic opal for the last 6 Ma in conjunction with magnetostratigraphy
(Rea, Basov, Janecek, Palmer-Julson, et al., 1993) have permitted an
astronomical age calibration (Tiedemann and Haug, this volume) of
the sediment record at Site 882 and the determination of fluxes. This
age model has largely been confirmed by benthic and planktonic stable
isotopes for both the first 750 ka (Haug et al., this volume) and the
period between 3.2 and 2.4 Ma (this paper).

Modern Oceanographic research has demonstrated that the north-
west Pacific is the terminus of the deep-water salinity conveyer belt
(Stommel, 1961; Broecker et al., 1985), where deep water diffuses
upward to the surface (Craig et al., 1981; Broecker et al, 1988). This
ascending deep water is highly enriched in nutrients (Craig et al.,
1981) and thus stimulates high surface-water productivity (Koblentz-
Mishke et al., 1970; Berger, 1989). Intermediate water formation in
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the subarctic North Pacific is caused by the vertical mixing through
the pycnocline, especially in regions with high precipitation (Reid,
1965) and this can enhance surface-water productivity by efficient
mixing and recycling of nutrients. The formation of in situ intermedi-
ate waters in the North Pacific is also consistent with the known
deeper circulation of the Pacific which involves upwelling in sub-
arctic regions rather than overturn at intermediate depths (Reid, 1965;
Moriyasu, 1972; Craig et al., 1981). Zahn et al. (1991a, 1991b),
though, suggest that intermediate water in the North Pacific could be
formed in the peripheral seas, that is, in the Sea of Japan and the Sea
of Okhotsk.

Haug et al. (this volume) have shown that high CaCO3 accumula-
tion rates for the last 2.6 Ma at Site 882 have generally covaried with
warm stages in the interglacial-glacial cycles. This pattern is similar
to that found in the Atlantic (Olausson, 1965; Ruddiman, Sarnthein,
et al., 1989), but is opposite to that found in most of the rest of the
Pacific Ocean (Hebbeln et al., 1990; Farrell and Prell, 1991; Zahn et
al., 1991b; Karlin et al., 1992). The Atlantic type pattern of CaCO3

accumulation in the northwest Pacific has also been observed by
Hovan et al. (1991) and Keigwin et al. (1992). Haug et al. (this vol-
ume) suggested that during interglacial periods North Atlantic deep-
water formation was strong and thus there was strong upward dif-
fusion of nutrient-rich deep water in the northwest Pacific, at the
terminus of the deep-water conveyer belt. This stimulated strong
surface-water productivity, like today and was sufficiently large to
overcome the strong dissolution of the highly corrosive Pacific deep
waters, thereby allowing CaCO3 to accumulate. In contrast, the gla-
cial periods had greatly reduced deep-water formation, and hence
diminished upwelling and surface-water productivity, but increased
carbonate aggressivity. Deep-water dissolution thus predominated;
so there is little or no CaCO3 accumulation in the glacial periods.
Haug et al. (this volume) have confirmed this hypothesis with high-
resolution opal, TOC, and foraminifer stable isotope records.

The work of Haug et al. (this volume) demonstrates that the
northwest Pacific is extremely sensitive to changes in the deep-water
flux. Site 882 thus provides an excellent location for monitoring
deep-water and surface-water changes during the late Pliocene, espe-
cially the key period when Northern Hemisphere glaciation began at
3.1-2.6 Ma (Backman, 1979; Shackleton et al., 1984; Zimmerman et
al., 1984; Sarnthein and Tiedemann, 1989; Tiedemann et al, 1994).
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Figure 1. Location map for Site 882 (50°21.79'N, 167°35.99'E) and the other Leg 145 sites.
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OBSERVATIONS AND THEORIES ABOUT THE
INITIATION OF NORTHERN HEMISPHERE

GLACIATION

The glaciation of Greenland and the Arctic is believed to have
begun in the late Miocene (Leg 151 Scientific Party, 1994). There is
also strong evidence for the formation of sea ice and snow cover in
the Arctic and subarctic regions in the late Miocene-early Pliocene
(Jansen et al., 1990; Jansen and Sj0holm, 1991). The first occurrence,
however, of significant ice sheets in the Northern Hemisphere was
according to Shackleton et al., (1984) at 2.55 Ma (using the new time
scale of Shackleton et al., 1990; and Hilgen, 1991), although pro-
ceeded by smaller increases in ice volume from 2.7 Ma (Backman,
1979; Shackleton et al., 1984; Zimmerman et al., 1984). These con-
clusions were based primarily on relative coarse resolution records of
%CaCO3 and δ 1 8 θ records from Deep Sea Drilling Project (DSDP)
Site 552 in the Atlantic Ocean (Shackleton et al, 1984). The drop in
%CaCO3 was explained by an increase in ice-rafted debris coeval
with the drop in δ 1 8 θ that indicates an increase in global ice volume
(Shackleton et al., 1984). It has though been shown that significant
glaciation of the Arctic, Northern Scandinavia (Jansen et al., 1990;
Jansen and Sj0holm, 1991) and Iceland (Einarsson and Albertsson,
1988) occurred as early as 3 Ma. Jansen et al. (1990) and Jansen and
Sj0holm (1991) showed from measurements of ice-rafted debris at
ODP Holes 642B and 644A in the Norwegian Sea that there was an
initial increase in the flux of icebergs at 3 Ma and a dramatic rise at
2.75 Ma., suggesting the Arctic was ice covered at least 200 k.y.
before the eastern American continent.

Recent evidence, though, suggests that the initiation of major
Northern Hemisphere glaciation was the culmination of a longer term
high-latitude cooling that began at 3.2 Ma (Ruddiman et al., 1986,
Tiedemann et al., 1994). Progressive and oscillatory enrichment of
benthic foraminifer δ 1 8 θ suggests that there was significant deep-
water cooling and an increase in global ice volume after 3.2 Ma (Prell,
1984; Hodell et al., 1991; Keigwin, 1987; Ruddiman et al., 1986;
Sarnthein and Tiedemann, 1989; Tiedemann et al., 1994).

There is strong evidence for this progressive cooling of the North-
ern Hemisphere from the increase in the percentage of cooler living
planktonic foraminifer (Loubere and Moss, 1986;Raymoetal., 1987)
and by decreasing discoaster abundances (Backman and Pestiaux,

1986). Sea-surface temperatures, however, at this time interval are not
easily reconstructed, as the assemblages are not completely analo-
gous to modern faunas (Ruddiman and Raymo, 1988).

The most recent benthic foraminifer δ l 8 0 results from Site 659 in
the tropical east Atlantic (Tiedemann et al., 1994) and Site 846 in the
equatorial east Pacific (Shackleton et al, in press) show a gradual
enrichment of 18O of the ocean between 3.2 and 2.75 Ma. From 2.75
to 2.68 Ma, there are three periods with very heavy 618O values, with
minimal recovery in between. Subsequently, there were still further
increases in the average δ 1 8 θ value and a marked increase in the
amplitude variation between warm and colder periods. The major
controversy at present is how much of these δ 1 8 θ decreases represent
cooling of the deep waters and how much represents the first accumu-
lation of ice in the Northern Hemisphere. The three major decreases in
benthic δ 1 8 θ between 2.75 and 2.68 Ma, it is believed, were primarily
because of a significant increase in global ice volume (Shackleton et
al., in press; Tiedemann et al., 1994).

Sarnthein and Tiedemann (1989) and Raymo et al. (1992) demon-
strated from the benthic δ13C and δ 1 8 θ of a number of ODP cores in
both the Atlantic and Pacific oceans, that the gradual global cooling
between 3 and 2 Ma was associated with an increased suppression of
the formation of the North Atlantic Deep Water (NADW). They also
suggested that the relative strength of NADW production during the
late Pliocene was always greater than that observed from the late
Pleistocene glaciations. High-resolution benthic isotopic data of
Shackleton et al. (in press) and Tiedemann (pers. comm., 1994) from
the tropical Pacific and Atlantic demonstrate an in-phase relationship
between δ 1 8 θ and δ13C during the Pliocene, so during the colder
periods of the Pliocene there is a marked increase in the suppression of
deep-water formation.

The North Pacific Site 882 GRAPE density and magnetic suscep-
tibility records show a dramatic increase at 2.75 Ma. Coeval with this
change are marked variations in biogenic opal, carbonate, TOC, and
planktonic isotopes, which are discussed in this paper.

Several explanations have been put forward to explain the initiation
of Northern Hemisphere glaciation. One group of theories suggests
changes in atmospheric composition (i.e., CO2) or a change in total
solar radiation. Suggestions such as changes in solar radiation are not
testable (Opik, 1959), whereas changes in atmospheric CO2 content
could be detected in the geological record (Sarnthein and Fenner,
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1988). Increased volcanism during the latest Cenozoic (Kennett and
Thunell, 1975) has also been suggested as a possible cause of glacia-
tion. Other theories include virtual polar wander (Ewing and Donn,
1956; Schneider and Kent, 1986), uplift of the highlands of northern
Canada (Flint, 1957; Emiliani and Geiss, 1958;Birchfieldetal., 1982),
and changes in land-sea distribution by seafloor spreading (North et
al., 1983). These theories are either too negligible in effect or too
long-term to have caused the sudden initiation of Northern Hemi-
sphere glaciation.

Tectonic explanations have also been suggested, such as the emer-
gence of the Panama Isthmus (Keigwin, 1978, 1982; Keller et al,
1989; Mann and Corrigan, 1990) and the deepening of the Bering
Straits (Einarsson et al., 1967). The most recent dating of the closure
of the Pacific-Caribbean gateway (Keller et al., 1989) suggests that
the Panama Isthmus began to emerge gradually at 6.2 Ma and finally
closed at 1.8 Ma. Keller et al. (1989) also documented four major
events in the progressive closure of the Pacific-Caribbean gateway:
6.2 Ma, 4.2 Ma, 2.4 Ma (2.55 Ma with new time scale), and 1.8 Ma.
Keller et al. (1989) showed that there was an increasing abundance of
salinity-tolerant planktonic foraminifers in the Caribbean from 2.55
Ma onward, suggesting the restriction of water flow between the
Pacific and Caribbean started at 2.55 Ma and ceased completely at 1.8
Ma. However, progressive and gradual closure from 2.55 Ma onward
is too late to have been the cause of the intensification of Northern
Hemisphere glaciation. The reduced outflow of Caribbean surface
water to the Pacific increased the salinity of the Caribbean. This
would have both increased the salinity and strength of the Gulf
Stream, thus enhanced deep-water formation (Mikolajewicz et al.,
1993). Increased deep-water formation could have worked against
the initiation of Northern Hemisphere glaciation as greater heat trans-
port to the high latitudes would have tended to prevent ice sheet
formation. A contrasting argument is that the enhanced Gulf Stream
could have pumped moisture north, stimulating the formation of ice
sheets (Mikolajewicz et al., 1993). If the closure of the Panama gate-
way did increased the strength of the Gulf Stream, this should have in
turn increased deep-water ventilation. However, the benthic δ13C
record from Site 659 over the last 5 Ma (Tiedemann, 1991), does not
show any long-term increase in the δ13C between 3.5 and 2.0 Ma
nor a steplike increase at around 2.55 Ma that might occur with a
more abrupt closure of the Panama gateway. Moreover, comparison
with the global benthic isotope records (Shackleton et al, in press;
Tiedemann et al., 1994) shows there is a strong warm period with a
suppressed cool period at 2.6-2.5 Ma, which suggests that this period
of Panama Isthmus formation did not enhance the glaciation of the
Northern Hemisphere.

The tectonic changes of the Bering Sea were initially dated be-
tween 3.5 and 3 Ma (Einarsson et al., 1967), and more recently the
submergence of the Bering Strait has been dated as 3.2 Ma (Fyles et
al., 1991), which is too early to have caused the dramatic changes near
2.7 Ma, but they may have indeed contributed to the long-term global
cooling that started at about 3.2 Ma.

Ruddiman and Raymo (1988), Ruddiman et al. (1989), and
Ruddiman and Kutzbach (1991) discuss how the initiation of Northern
Hemisphere glaciation could have been caused by progressive uplift of
the Tibetan-Himalayan and Sierran-Coloradan regions. They suggest
that this uplift altered the circulation of the atmospheric planetary
waves such that ablation was decreased, which allowed snow and ice
to build up in the Northern Hemisphere. Discussion continues as to
whether orography (Charney and Eliasson, 1949; Bolin, 1950), differ-
ential heating of land and sea surfaces (Sutcliffe, 1951; Smagorinsky,
1953), or a combination of both (Trenberth, 1983) control the structure
and direction of the planetary waves. In contrast, Copeland et al. (1987)
and Molnar and England (1990) have suggested that majority of the
Himalayan uplift occurred much earlier, between 20 Ma and 17 Ma.
Harrison et al. (1992), from thermochronologic results, have suggested
the Tibetan Plateau reached its maximum elevation during the late
Miocene at about 7-8 Ma and not during the mid-Pliocene as sug-

gested by paleobotanic studies (Mercier et al., 1987). Quade et al.
(1989) also showed from carbon and oxygen isotopes of a pedogenic
sediment profile in Pakistan that the Asian monsoons underwent a
strong intensification at 7.4 Ma, which they present as further evidence
of a late Miocene uplift, thus invalidating Ruddiman and Raymo's
(1988) hypothesis.

In conclusion, the causes of the long-term global cooling that
started at 3.2 Ma and the significant increase in Northern Hemisphere
glaciation near 2.75 Ma are essentially unresolved. Here we suggest
that changes in orbital forcing may have been an important mecha-
nism controlling the gradual global cooling and the subsequent inten-
sification of Northern Hemisphere glaciation.

METHODS

The CaCO3 contents were determined by coulometric technique
using a Coulomat 702 at the University of Kiel. Furthermore, the
carbonate record includes about 140 shipboard-measured values that
were determined by the same technique. The accuracy was better than
1.5%, as obtained by replicate carbonate standard measurements. The
TOC method is given in Stax and Stein (this volume).

The biogenic opal content was separated from the siliciclastic
fraction in the carbonate-free fraction >2 µm by the density separation
technique (Bohrmann et al., 1990), using sodium-polywolframate as
the heavy-liquid solution. The carbonate-free clay fraction was sepa-
rated by means of the Atterberg separation method (Muller, 1967).

Mass accumulation rates (g/cm2/k.y.) were calculated as the prod-
uct of sedimentation rates (cm/k.y.), percentages of the individual
compounds, and dry-bulk density values (g/cm3; Rea, Basov, Janecek,
Palmer-Julson, et al., 1993). Mean sedimentation rates were linearly
interpolated between age control points (Tiedemann and Haug, this
volume). Dry-bulk density values were derived from the GRAPE wet-
bulk-density analog data empirically using the following equation:

Dry-bulk density = 1.67 density GRAPE -1.89 (1)
(r = 0.83;π= 112).

This equation is based on in situ dry-bulk density data from vari-
ous depth sections throughout Hole 882A. The estimated dry-bulk
density data reproduce the measured in situ data to within a standard
error of 0.2 g/cm3. With the use of accumulation rates, percentage
dilution effects by different sediment components can be removed
from the particle record under inspection.

The δ 1 8 θ and δ13C of the benthic and planktonic foraminifers were
measured according to the standard techniques at the University of
Kiel. The samples were freeze dried and then wet sieved through a
63-µm mesh sieve. The samples were then dry sieved at convenient
intervals between 250 and 400 µm, from which the foraminifers were
picked. Two benthic species were selected for analysis: C. wueller-
storfi and Uvigerina sp. In many cases in which the lack of CaCO3

resulted in the measurement of only one specimen, the gas pressure
from the mass spectrometer was checked to be sure there was suffi-
cient material for a reliable estimate. Three planktonic foraminifer
species were analyzed, G. bulloides, N. pachyderma (R), and N.
pachyderma (L). G. bulloides and N. pachyderma (R) occurred with
a sufficient time resolution to have near-continuous records between
3.4 and 2.4 Ma, whereas N. pachyderma (L) occurred sporadically
and was used only to confirm the pattern of the other two species. The
number of each species found at each sample depth varied greatly
because of the fluctuation in CaCO3 accumulation; in the cases with
low numbers of specimens (no sample of less than 6 specimens was
measured), the gas pressure from the mass spectrometer was noted to
make sure there was sufficient material for a reliable estimate. It
should be noted that both variations in the number of planktonic
foraminifers per sample and a low number of specimens per sample
can be major causes for errors (M. Maslin and M. Hall, unpubl. data,
1994). At sedimentation rates exceeding 10 cm/k.y., which do occur
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at Site 882 (Tiedemann and Haug, this volume), however, the biotur-
bation component of these errors is reduced. These possible errors
were considered when the isotope records were interpreted.

To obtain complete and continuous proxy records for the last 4.0
Ma, we adjusted the value measured at each sampling depth to the
composite depth record of Holes 882A and 882B. The two records
were spliced using correlations between the magnetic susceptibility
and GRAPE records of Holes 882A and 882B. This composite depth
scale was developed only for the upper 255.95 m (Hole 882A), which
is equivalent to a composite depth of 287.78 mbsf. Below this the
composite depth section remains uncertain because of only short
overlapping sections between Holes 882A and 882B, which ends at
270.4 mbsf (Rea, Basov, Janecek, Palmer-Julson, et al., 1993).

All data are summaries in the Appendix, Tiedemann et al. (this
volume), and Haug et al. (this volume). The data are also available
on request from the German PAGES Marine Paleodata Bank (A.W.I.
Bremerhaven).

AGE MODEL

The time scale at Site 882 was based initially on magnetostratig-
raphy. The ages for the magnetic reversal boundaries were derived
from the orbitally tuned time scale of Shackleton et al. (1990),
Shackleton et al. (in press), and Tiedemann et al. (1994), which im-
proved on Hilgen (1991). Using the astronomically dated magnetic
reversals for initial age control, as expected the fluctuations in the
GRAPE-density and magnetic susceptibility records were linked to
variations in the EarüYs orbit. Tiedemann and Haug (this volume)
generated an astronomically calibrated stratigraphy for the last 4 Ma
based on fine-tuning the GRAPE density oscillations in the precession
band to the summer insolation at 65°N (Berger and Loutre, 1991). This
calibration was based on the assumption that GRAPE-density maxima
are linked to minima in biogenic opal and maxima in ice-rafted debris
and hence to glacial stages (insolation minima) during the last 2.75 Ma.
Prior to 2.75 Ma the relationship between the GRAPE density and
climate was reversed, which is confirmed by the benthic δ 1 8 θ results
from Site 882. Adetailed description of the astronomical calibrated age
model is given by Tiedemann and Haug (this volume).

Sedimentation rates were linearly interpolated between the age
control points given in Tiedemann and Haug (this volume).

RESULTS

In general, mass accumulation rates of CaCO3, opal, and TOC
have a pattern similar to their weight percentages. The following
description uses mass accumulation rates (MAR) of CaCO3, opal, and
TOC, as this more representative of the actual flux and is not subject
to percentage dilution (Fig. 2). The carbonate accumulation at Site
882 for the last 5.9 Ma varies between 0 and 3 g/cm2/k.y. There are
major cyclic variations in amplitude, and many intervals have no car-
bonate preserved. In general, Pleistocene interglacial periods and
Pliocene warm stages show good carbonate preservation, which is
comparable to the pattern of carbonate preservation in the Atlantic
(Haug et al., this volume).

During the key period 3.2-2.4 Ma (Fig. 2-4), there were large
changes in the MAR of calcium carbonate. Between 3.2 and 2.82
Ma the carbonate MAR varies cyclically at approximately 41 ka
(Tiedemann and Haug, this volume), between high accumulation
rates (up to 4 g/cm2/k.y.) and periods of very low or no accumulation.
The size of these variations decreases gradually to 2.82 Ma; subse-
quently there was very little or no CaCO3 accumulation for approxi-
mately 500 ka. This decrease in CaCO3 MAR parallels the gradual
global cooling indicated by the benthic δ 1 8 θ (Shackleton et al., in
press; Tiedemann et al., 1994). Comparison of the CaCO3 MAR peaks
of Site 882 with the benthic δ 1 8 θ from Site 846 indicates that they
mostly occur during warm periods of the preglacial Pliocene (Fig. 4).
The only CaCO3 MAR peaks which seem to be partially out of phase

with the global benthic δ 1 8 θ and δ13C of Site 846 (Shackleton et al,
in press; Tiedemann et al., 1994) are at 2.91 and 2.97 Ma. If the
CaCO3 MAR record is compared with the Site 882 stable isotope
records of C. wuellerstorfi>then the peaks correlate to light δ 1 8 θ and
heavy δ13C values. This suggests that the CaCO3 MAR peaks at 2.91
and 2.97 Ma actually do occur during warmer periods, and that there
are minor offsets in the tuned age model. The occurrence of peaks
in carbonate preservation during warm periods with heavy benthic
δ13C supports the link proposed by Haug et al. (this volume) between
enhanced Atlantic deep-water formation and CaCO3 accumulation in
the Pliocene. Between 2.72 and 2.65 Ma the carbonate accumulation
weakly increases to 0.4 g/cm2/k.y.; subsequently there are only a few
scattered smaller peaks until 1.7 Ma, when the interglacial-glacial
cyclicity seems to exert itself (Haug et al., this volume).

Despite the lack of CaCO3 in large sections of the core, both
benthic and planktonic foraminifer stable isotopes were obtained for
Site 882 between 3.1 and 2.5 Ma. The isotope records of N. pachy-
derma (R) and G. bulloides are the most complete and have a high
degree of similarity in both their oxygen and carbon records. These
records are in parts confirmed by the data from N. pachyderma (L),
suggesting that these are a true record of the surface-water conditions
of the northwest Pacific and not an individual species effect. The
benthic record of both Uvigerina sp. and C. wuellerstorfi are less
complete and more noisy but indicate a variation of between l‰
to 2‰ between 3.1 and 2.5 Ma.

The planktonic δ 1 8 θ records indicates cyclic but very light values
culminating near 2.75 Ma. At 2.75 Ma there is a drop of at least 2.6‰,
indicated by all three species, to much heavier values. This is presum-
ably due to a massive drop in sea-surface temperature as at about 2.75
Ma; the GRAPE density and magnetic susceptibility indicate a sig-
nificant increase in ice-rafted debris and thus iceberg flux to Site 882.
The planktonic foraminifer δ13C records also show a high degree of
similarity with the CaCO3 MAR record (Fig. 2). Heavier planktonic
δ13C values are associated with preservation peaks in CaCO3. This
may support the idea that the CaCO3 MAR is primarily an indicator
of surface-water productivity (Haug et al., this volume); if the in-
creases in productivity, which preferentially remove 12C, are indeed
recorded by the planktonic foraminifers.

Biogenic opal MARs were continuously high (3-6 g/cm2/k.y.)
from before 3.2 to 2.725 Ma. There is a drop in both the opal MAR
and TOC MAR at 2.91 Ma, from an average value of 5 g/cm2/k.y. to
3 g/cm2/k.y. This could be an artifact of the age model, as this drop is
not seen in the weight percentage records (Haug et al., this volume).
There is an irreversible drop (by approximately a factor of 5) in both
the opal MAR and weight percentage records between 2.740 and
2.725 Ma, and this causes the dramatic drop in sedimentation rates
from 13 to 4 cm/k.y. observed at about 2.75 Ma (Tiedemann and
Haug, this volume). This is followed by very low opal MAR values
(g/cm2/k.y.) until 2.4 Ma. Between 2.4 and 2.25 Ma there are some
minor cyclic peaks in the opal MAR up to 1 g/cm2/k.y. From 2.25 to
1.6 Ma there is little or no opal accumulation. Low but distinct
interglacial-to-glacial cycles (0.1-1.5 g/cm2/k.y.) occur from 1.6 Ma
to the present, with high opal values linked to interglacial periods
(Haug et al., this volume).

The TOC values for Site 882 and the other sites from Leg 145
(Stax and Stein, this volume) are very low. Between 3.25 and 2.65 Ma
there is a gradual sawtoothed decline in the TOC from an average of
0.025 g/cm2/k.y. to 0.015 g/cm2/k.y., but with significant spikes at
2.79 and 2.73 Ma (maximum 0.29 g/cm2/k.y.). Subsequently there are
lower TOC MAR values than the preglacial Pliocene, interrupted
only by peaks at 2.63 and 2.53 Ma.

DISCUSSION

Opal and TOC MAR Variations at Site 882

The major change in the paleoceanography of the northwest Pa-
cific culminated around 2.75 Ma, when there was a dramatic increase
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N. pachyderma (R and L) δ13C

Age (Ma)

Figure 2. Comparison of biogenic opal mass accumulation rates (MARs), TOC MAR, CaCO3 MAR, and δ13C of G. bulloides and N. pαchydermα (R and L) as
proxies for surface-water paleoproductivity, and magnetic susceptibility as an indicator for terrigenous input that is primarily ice-rafted detritus at Site 882 for the
time interval 2.4-3.2 Ma. The arrow indicates the longer-term decrease in the TOC MARs. The shaded region indicates the large increase in ice-rafted debris at
Site 882 (magnetic susceptibility), the dramatic drop in opal MAR, and the coeval peak in TOC MAR.

in the amount of ice-rafted debris at Site 882 (Fig. 2). This dramatic
increase, documented by the GRAPE density and magnetic suscepti-
bility, is accompanied by a longer term gradual decrease in TOC
MAR and a massive and irreversible drop in opal MAR. Neverthe-
less, coeval with this opal MAR decrease is a spike in the TOC MAR
in opposition to the longer term decline (see shaded region in Fig. 2).
This spike in TOC MAR may demonstrate three different environ-
mental forcings: (1) a marked increase in surface-water productivity

(Sarnthein et al., 1992); (2) a sudden input of terrestrial organic
carbon linked to the coeval discharge of ice-rafted debris; and/or (3)
an exceptional short-term increase in the preservation of carbon on
the seafloor as indicated by the extremely low epibenthic C. wueller-
storfi δ13C values reaching -1.75‰ (Fig. 3).

This would correspond to an oxygen concentration close to zero
in the deep water and sluggish circulation compared with modern
standards (Michel, 1991). Note that nowhere in the modern or Last
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N. pachy derma
(R and L) δ1 8θ

2.7 2.8 2.9

Age (Ma)

Figure 3. Comparison of biogenic opal MAR, δ 1 8 θ of G. bulloides and of N. pαchydermα (R and L), δ 1 8 θ of the benthic species C. wuellerstorfi and Uvigerina

sp., δ°C of C. wuellerstorfi, and CaCO3 MAR at Site 882 for the time interval 2.4-3.2 Ma. The shaded region indicates the large increase in ice-rafted debris at

Site 882 (magnetic susceptibility) and the dramatic drop in opal MAR.



INITIATION OF GLACIATION

Matuyama / Gauss Kaena

Site 846 benthic δ 1 8 θ (Shackleton etlal., in

Site 846 benthic δ1 3C (Shackleton et al., in press)

Holocene

(Mix et al., in press)

Last Glacial
Maximum

Site 882 Magentic susceptibility

2.8 2.9

Age (Ma)

Figure 4. Comparison of the calculated insolation for 65°N (Berger, 1984; Berger and Loutre, 1988), benthic δ 1 8 θ and δ13C isotope records from the equatorial Pacific
at Site 846 (Shackleton et al., in press), the δ 1 8 θ records from N. pachyderma (R) and G. bulloides, and CaCO3 MAR at Site 882 for the time interval 2.4-3.2 Ma.
The shaded regions represent global cold periods and are labeled according to the nomenclature of Shackleton et al. (in press) and Tiedemann et al. (1994).

Glacial Maximum (LGM) oceans did epibenthic δ13C values decrease
below - l‰ (Zahn et al., 1991a); thus, the reason for these extremely
light C. wuellerstorfi δ13C values is puzzling.

The strong decrease in opal MAR and the very light δ13C values
of the all three planktonic foraminifer species measured (-1.5‰)
between 2.750 and 2.725 Ma (Fig. 2) tends to rule out suggestion 1.
Suggestion 3 may hold true to some degree, but there were very
negative C. wuellerstorfi δ13C values at 2.79 Ma, 3.0 Ma, and 3.04

Ma and no increase in the TOC MAR. Suggestion 2, additional
organic carbon deposited by icebergs, appears to be the most impor-
tant factor; additional evidence supporting this view is that the other
two TOC MAR peaks at 2.63 and 2.53 approximately correlate with
strong peaks in the magnetic susceptibility.

The dramatic drop in the opal MAR and the subsequent less
dramatic drop in the TOC MAR are also coeval with a strong plank-
tonic δ 1 8 θ maximum, (i.e., much colder sea-surface temperature,
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suggesting a major reorganization of the surface-water and deep-
water circulation). Various suggestions put forward to explain the
North Pacific-wide drop in opal MAR are listed below and are dis-
cussed more extensively in Barron and Gladenkov (this volume),
Barron (this volume), and Barron et al. (this volume).

1. The initiation of Northern Hemisphere glaciation would imply
a shift in the Northern Hemisphere atmospheric circulation. An analo-
gous case is the shift in Northern Hemisphere atmospheric circulation
during the LGM due to the presence of the Laurentide ice sheet
(COHMAP, 1988). The presence of ice sheets and the colder global
temperatures after the major change at 2.75 Ma would have shifted
the polar front southward. This shift could have changed the surface-
water regime at Site 882 from the Kuroshio Current to the joint
influence of the Oyashio Current and the Alaskan Stream (as seen
today). The present circulation of the North Atlantic, which is domi-
nated by the Gulf Stream, and is characterized by very high surface
productivity primarily due to the spring blooms, may be an analog to
the preglacial Pliocene North Pacific. Before 2.75 Ma, the Kuroshio
Current could have flowed more northward and then eastward along
the Aleutian Arc, so the Kuroshio Current could have brought nutri-
ents to the whole North Pacific and stimulated the large surface-water
productivity observed in the opal and carbonate records at all the Leg
145 Sites (Rea, Basov, Janecek, Palmer-Julson, et al., 1993). Unfor-
tunately, today the Kuroshio (Japanese: "black water") Current is
extremely nutrient poor, while the Kamchatka-Oyashio Current is
more nutrient rich. Therefore, there would have to have been a com-
plete (and therefore highly speculative) reorganization of nutrient
usage in the low western equatorial Pacific for the Kuroshio to have
been nutrient rich.

During the major change at 2.75 Ma, the southward movement of
the polar front, the Kuroshio Current would have to flow more east-
ward, causing the North Pacific subpolar and Alaskan gyre seen today
(Warren and Owens, 1988). The Oyashio Current and the Alaskan
Stream would thus be the major surface-water influences at Site 882,
accounting for the major drop in productivity. This suggestion may be
supported by the large drop in sea-surface temperatures observed in
the planktonic foraminifer δ 1 8 θ of Site 882 at 2.75 Ma.

2. A reduction in the formation of North Atlantic deep water at
2.75 Ma may have reduced the upwelling of nutrient-rich deep water
in the North Pacific, and the surface-water productivity would then
account for the dramatic crash in opal MAR (Haug et al., this vol-
ume). This is supported by the very negative benthic δ13C values
at Site 882. However, the global benthic δ13C records of Site 846
(Shackleton et al., in press) and 659 (Tiedemann, 1991) do not indi-
cate any greater reduction than that seen during earlier cold periods.

3. A change in the dominant diatom species from elongated mat-
forming to single individuals may have occurred. When a mat of
diatoms sinks, the local concentration of silica is very high on the
seafloor and can overcome the general corrositivity of the deep waters
by sheer volume. In contrast, when single diatom tests sink they are
more susceptible to dissolution; thus, a shift after 2.75 Ma to fewer
mat-forming diatoms would mean the silica rain would be more
susceptible to dissolution in the deep waters. A diatom species change
could have resulted from changes in the physical or chemical nature
of the North Pacific surface water. At present, however, reasons for
these possible species changes remain elusive, though they may be
linked to the onset of Northern Hemisphere glaciation.

At present the reasons for the order of magnitude reduction of
biogenic material reaching the sediment of the North Pacific, primarily
due to the abrupt end of the high biogenic opal MAR which lasted at
least 1 m.y., is still unresolved (Barron and Gladenkov, this volume;
Barron, this volume; Barron et al., this volume). What is interesting to
note is at the same time as the North Pacific underwent this dramatic
reduction, the biogenic flux to the Southern Ocean increased by an
order of magnitude. Hodell and Ciesielski (1990) showed that at Hole

704A in the Southern Ocean across the Gauss/Matuyama boundary
(2.6 Ma), sedimentation rates increased from 1.8 cm/k.y. to 14.3 cm/yr,
primarily due to a massive increase in the surface-water productivity.

Comparison of Site 882 with Site 846 in the Equatorial
Eastern Pacific

The confidence in our age model between 4 and 2.4 Ma is based
first on the magnetic tie points of the Matuyama/Gauss boundary at 2.6
Ma and the Gauss/Gilbert at 3.6 Ma (Rea, Basov, Janecek, Palmer-
Julson, et al., 1993; Tiedemann et al., this volume). Secondly, both the
two magnetic reversals and the low-resolution benthic δ 1 8 θ at Site
882 suggest that GRAPE density and carbonate maxima are related to
warm periods during the preglacial Pliocene, and this has facilitated
the calibration of a detailed orbital tuning age model (Tiedemann and
Haug, this volume).

Comparison of the planktonic δ 1 8 θ at Site 882 with the global ben-
thic C. wuellerstorfi δ 1 8 θ and δ13C records of the equatorial Pacific
at Site 846 (Shackleton et al., in press) indicates a high degree of sim-
ilarity (Fig. 4). The most significant correlation occurs between 2.825
and 2.7 Ma (Stages GIO to G4, using the nomenclature of Tiedemann
et al., 1994). During the warm stages at 2.79 and 2.76 Ma the plank-
tonic foraminifer δ 1 8 θ is the highest recorded for the period 3.1 to 2.6
Ma, indicating very high surface-water temperatures (Fig. 4). Sub-
sequently at 2.75 Ma, coeval with the onset of the Stage G6 glaciation,
significant ice rafting occurred in the North Pacific Ocean and the
planktonic foraminifer δ 1 8 θ dropped dramatically by 2.6%o.

If the major changes in the planktonic foraminifer δ 1 8 θ at Site 882
between 2.85 and 2.65 Ma are assumed to be only temperature driven
(i.e., ignoring the ice volume and salinity effects), the sea-surface
temperature (SST) would have increased from cold to warm periods
by 6.5°C before 2.75 Ma and dropped by no less than 10°C at 2.75
Ma (using the SST-δ1 8O equation of Shackleton, 1974). If the global
change in ocean δ 1 8 θ, according to the benthic isotopes of Site 846,
are taken into account, then this would decrease the estimated tem-
perature change at Site 882. If we assume that all the variation of the
Site 864 benthic δ 1 8 θ record is due to ice volume (ignoring possible
deep-water cooling), the North Pacific sea-surface temperature esti-
mates must be reduced by approximately 2.5°C (0.6‰) before 2.75
Ma and the estimated drop at 2.75 Ma reduced by 3.5°C (0.8‰). In
contrast, the possible salinity changes at Site 882 during the preglacial
Pliocene are much harder to quantify. During globally cooler periods
the following processes would have lowered surface-water salinity:
(1) reduced upwelling of saline deep water—approximately a 0.5%e
to l‰ reduction in salinity (Moriyasu, 1972; Craig et al., 1981); (2)
increased influence of the cold Oyashio Current and thus the reduc-
tion of the influence of the warmer Kuroshio Current—approxi-
mately a 0.5%e to l‰ reduction in salinity (Craig et al., 1981); (3)
increased precipitation (unknown effect); (4) increase in ice rafting
after 2.75 Ma (unknown effect, but ice rafting in the North Atlantic
during the LGM caused a drop in salinity between l‰ and 2‰;
Duplessy et al., 1991; 1992; Maslin, 1993; Maslin et al., in press).

The following, however, would have raised surface-water salin-
ity: (1) increase in global ice volume (between 0.1%e to 0.5%e, which
is approximately equivalent to a 10- to 50-m drop in sea level
[Fairbanks, 1989]); and (2) reduced evaporation because of lower
sea-surface temperature (unknown effect).

If it is assumed that during a cold stage the effect of the decreased
evaporation is countered by the increased precipitation, we suggest that
the possible salinity changes from warm to cool periods at Site 882
could have been between 0.5%e and 2‰. This represents a minimum
oxygen isotope shift in the surface water of approximately 0.25‰,
which increases the estimated sea-surface temperature change by at
least 1°C (Duplessy et al., 1991; 1992; Maslin, 1993; Maslin et al., in
press). In summary, considering the possible influences on the plank-
tonic foraminifer δ 1 8 θ record, the sea-surface temperature variation
between warm and cold periods before 2.75 Ma would have been at
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least 5°C, whereas the sea-surface temperature drop at 2.75 Ma was no
less than 7.5°C. This estimate could be much larger if meltwater from
ice rafting was a major influence on the surface waters.

The CLIMAP Project Members (1976,1981) have shown that the
sea-surface temperature during the LGM, compared with the present
temperature in the northwest Pacific, dropped by a fairly minor 1°-
2°C. The SST variations estimated at Site 882 for the late Pliocene are
more comparable to the LGM anomalies in medium to high latitudes
in other areas: for example, to the east of Japan (-8°C) and at the same
latitude (50°N) in the North Atlantic (-10°C to -12°C). If these
temperature shifts are comparable to those of the late Pliocene at Site
882, it seems that the late Pliocene northwest Pacific was much more
thermodynamic than during the last glacial-interglacial cycle. The
major sea-surface temperature drop after 2.75 Ma recorded at Site 882
may support the suggestion that there could have been, at 2.75 Ma, a
shift from a Kuroshio Current-dominated North Pacific to a more
contemporary system with a subpolar gyre with a strong Oyashio
Current and Alaskan Stream.

Timing of the Initiation and Intensification of Northern
Hemisphere Glaciation

The earliest recorded onset of continental wide glaciation in Ant-
arctica is about 35 Ma (Shackleton et al., 1984; Ruddiman and
Raymo, 1988). In contrast, it has been shown that 6 Ma is the earliest
recorded glaciation in the Northern Hemisphere (Leg 151 Scientific
Party, 1994; Jansen et al., 1990; Jansen and Sj0holm, 1991). This late
Miocene initiation of the Northern Hemisphere glaciation has been
recorded in both the Norwegian Sea (Jansen et al, 1990; Jansen and
Sj0holm, 1991) and in the Arctic (Leg 151 Scientific Party, 1994).
Site 882 magnetic susceptibility records also provide evidence for
late Miocene ice rafting in the northwest Pacific. A major intensifica-
tion of Northern Hemisphere glaciation occurred between 3.2 and 2.5
Ma. Evidence from the Norwegian Sea suggests that the first minor
increase in Arctic and possibly Scandinavian glaciation occurred at 3
Ma, while a more pronounced and sustained increase occurred at 2.75
Ma (Jansen et al., 1990; Jansen and Sj0holm, 1991). This is supported
by the magnetic susceptibility of Site 882, which demonstrates a very
minor increase at 3 Ma (Fig. 4) and a major increase at 2.75 Ma. This
confirms that there was some ice cover in the circumarctic continents
beginning about 3 Ma and significantly expanding at 2.75 Ma.

Evidence from northern Alaska (pollen, plant macrofossil, and
marine vertebrate) suggests there were three major marine transgres-
sions in the late Pliocene (Brigham-Grette and Carter, 1992; Kaufman
and Brigham-Grette, 1993). These were dated using amino acid geo-
chemistry, paleomagnetic studies, vertebrate and invertebrate paleon-
tology, and strontium isotopes to between 2.48 and 2.7 Ma (2.62 and
2.86 Ma using the new time scale), representing three warm periods
between Stages 104 and Gl2. They also found that these periods were
too warm for permafrost and even seasonal sea ice. During the waning
stages of these transgressions, the terrestrial conditions were cool
enough to support an herbaceous tundra vegetation with scattered
larch trees. They found no evidence for any glaciation of northern
Alaska between 2.62 and 2.86 Ma, suggesting the ice rafting observed
at Site 882 was predominantly from the Eurasian Arctic (via the
Chukchi and Bering seas) and northeast Asia. This has been con-
firmed by Krissek (this volume), who has traced the major source of
northwest Pacific late Pliocene ice rafting to the Kamchatka Penin-
sula and the northern coast of the Sea of Okhotsk.

Magnetic susceptibility and GRAPE density records from Site
887 in the Gulf of Alaska (Fig. 1) indicate a dramatic increase in the
supply of ice-rafted debris (Rea, Basov, Janecek, Palmer-Julson, et
al., 1993) only one obliquity cycle earlier than 2.6 Ma (2.6 Ma is
controlled by the Matuyama/Gauss boundary). This suggests that
Alaska glaciated 100 ka, after the Eurasian Arctic and northeast Asia.

Evidence from DSDP Site 552 suggests that significant North
American ice sheets did not occur until 2.55 Ma, when the first major

pulse of ice-rafting debris is recorded in the North Atlantic Ocean
(Shackleton et al., 1984). There may have been, therefore, a delay of
200 k.y. between the intensification of the glaciation of the Arctic and
northeast Asia and the major ice buildup on the eastern North Ameri-
can continent. This suggests that the initiation and intensification of
Northern Hemisphere glaciation was driven by the Arctic and North
Pacific, as opposed to the Laurentide ice sheet-dominated scenario
of the Last Glacial Maximum and much of the late Pleistocene
(Ruddiman and Mclntyre, 1981).

Orbital Forcing: Possible Cause of the Initiation
and Subsequent Intensification of
Northern Hemisphere Glaciation

The causes of the initiation and intensification of Northern Hemi-
sphere glaciation remain essentially unresolved. All the major tectonic
theories that have been put forward have since been refuted. The
closure of the Pacific-Caribbean gateway (Keller et al., 1989) is con-
sidered too late and too gradual to have caused the major change in
Pliocene climate. The Tibetan uplift (Ruddiman and Raymo, 1988) is
now thought to have occurred during the late Miocene and not during
the late Pliocene. While the possible emergence of the Bering Strait at
3.2 Ma (Einarsson et al., 1967; Fyles et al., 1991) may have contributed
to the long-term global cooling observed in the benthic δ 1 8 θ records
(Shackleton et al., in press; Tiedemann et al., 1994), it is unlikely to be
the main cause of the dramatic intensification observed at 2.75 Ma.

We suggest that the long-term cooling and the dramatic intensifi-
cation of Northern Hemisphere glaciation can be explained by the
changes in the orbital forcing between 4 and 2 Ma (Fig. 5). Sediment
evidence from North Atlantic Sites 607 and 609 (Ruddiman et al.,
1987), tropical Atlantic Site 659 (Tiedemann et al., 1994), and equa-
torial Pacific Site 846 (Shackleton et al., in press) shows that the
climate of the Pliocene is dominated by the 41-ka periodicity of
orbital obliquity. This does not change until approximately 900-800
ka, when the 41-ka cyclicity is progressively superseded by the 100-
ka period of orbital eccentricity (Shackleton and Opdyke, 1973; Im-
brie, 1985; Imbrie et al, 1984,1993). Moreover, Berger et al. (1993)
demonstrated that over the last 1.8 Ma the long-term climate change
can be subdivided and related to three distinct periods of orbital
forcing: (1) 0-610 ka, when eccentricity-related signal is dominant;
(2) 610 ka to 1.22 Ma, when obliquity is dominant; and (3) 1.8-1.22
Ma, when there is an equal mixture of both.

Figure 5 shows the key orbital parameters of the late Pliocene:
obliquity and precession and the resultant insolation at 65°N, as calcu-
lated by Berger (1984) and Berger and Loutre (1988). Between 4.2 and
3 Ma, orbital obliquity has relatively low amplitude variability com-
pared with the rest of the last 6 Ma. From 3.5 to 2.5 Ma the amplitude
of the orbital obliquity gradually increases until it reaches its highest
variability between 2.5 and 2.1 Ma. Such large amplitude fluctuations
in orbital obliquity are only seen at approximately 5 Ma and during the
last 200 ka. If this increase is compared with the benthic foraminifer
δ'8O curve of Site 846 (an excellent record of global climate, as it
records global ice volume and deep-water temperature) the δ 1 8 θ val-
ues get gradually heavier, as observed by Tiedemann et al. (1994),
paralleling the orbital obliquity (Fig. 5). Orbital obliquity has been
shown to strongly affect the seasonality of the Northern Hemisphere
(Ruddiman and Mclntyre, 1981); thus, as the amplitude of the orbital
obliquity increased from 3.5 Ma, the seasonality of the Northern Hemi-
sphere would have correspondingly increased. Progressively colder
summers promote snow and ice buildup, and once deposition achieves
a critical volume, ice can survive the summers, becoming permanent
and enabling expansion during following winters. This general sce-
nario may well explain the observed gradual, though cyclic, buildup of
global ice and cooling of the deep waters.

The orbital precession during the Pliocene is also important, as it
modulates the amplitude of the insolation changes. The amplitude of
the precession forcing during the Pliocene, unlike the obliquity, has
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Figure 5. Comparison of the key orbital parameters of the Pliocene: obliquity and precession and the resultant insolation at 65°N, as calculated by Berger (1984)

and Berger and Loutre (1988), with the benthic δ 1 8 θ record from the equatorial Pacific at Site 846 (Shackleton et al., in press) and the magnetic susceptibility from

Site 882. Arrows indicate general tends in the data.
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no long-term gradual change, but a cyclicity of approximately 400 ka.
This cyclicity is also reflected in the calculated insolation (Fig. 5).
Between 2.9 and 2.8 Ma the precession signal is very low and this is
reflected in the insolation. Between 2.8 and 2.7 Ma the amplitude of
the precession and consequentially the insolation increases, thus mak-
ing the temperature difference between warm and cold periods much
greater. This, coupled with the culmination of the gradual increase in
the amplitude of obliquity we suggest, caused the buildup of large-
scale, permanent ice in the Arctic and northeast Asia starting at
approximately 2.75 Ma.

The key factors in the intensification of Northern Hemisphere
glaciation are (1) very high surface-water temperatures in the North
Pacific between 2.83 and 2.75 Ma, leading to excessive evaporation
and transportion of a large quantity of moisture to the North Hemi-
sphere continents, promoting the initial glacial buildup; and (2) a sub-
sequent sustained cold period between 2.75 and 2.685 Ma (Stages
G6a, G6b, and G4) when there was little or no climatic recovery,
which records the buildup of enough permanent ice in the Northern
Hemisphere to induce ice rafting at Site 882 and the Norwegian Sea
and possibly affect global climate. Precession and insolation ampli-
tudes remained large between 2.7 and 2.55 Ma, and cold periods
during this period became progressively deeper (the exception being
Stage 102). At 2.55 Ma the amount of ice rafting in the Norwegian
Sea (Jansen et al, 1990; Jansen and Sj0holm, 1991) and the northwest
Pacific (Site 882) jumps significantly and ice rafting is first recorded
in the Atlantic Ocean. At 2.55 Ma is the first of three very intense cold
periods (Stages 100-96), with the heaviest oxygen isotope values re-
corded up to then in the late Pliocene and the Miocene. This represents
the culmination of the initiation of Northern Hemisphere glaciation
with a large, permanent ice sheet on Greenland (Leg 151 Scientific
Party, 1994) and a periodic ice sheet on the North American continent.

CONCLUSIONS

1. Gradual global cooling began near 3.2 Ma, which may have
been influenced by an increase in the amplitude variation of orbital
obliquity, increasing the seasonality of the Northern Hemisphere.

2. Minor increases in ice rafting have been detected in the Nor-
wegian Sea and the northwest Pacific from 3 Ma.

3. A dramatic increase in ice rafting occurred in the northwest
Pacific and the Norwegian Sea at 2.75 Ma, suggesting that the Eur-
asian Arctic and northeast Asia were significantly glaciated after 2.75
Ma. In the northwest Pacific this major change was accompanied by
a dramatic drop in sea-surface temperatures (>7.5°C) and opal MARs
(fivefold decrease) and was overlain by a more gradual long-term
decrease in both TOC and CaCO3 MARs. Before this dramatic change,
there was 50 k.y. of unusually warm northwest Pacific surface waters,
which may have provided the moisture for ice sheet expansion before
2.75 Ma.

4. Data from Site 887 in the northeast Pacific suggest that Alaska
glaciated 100 k.y. after the Eurasian Arctic and northeast Asia, while
Site 552 in the Atlantic Ocean indicates Greenland and the northeast
American continent glaciated 200 k.y. after the Eurasian Arctic and
northeast Asia, at 2.55 Ma. Hence, the initiation and intensification of
Northern Hemisphere glaciation was driven by the Arctic and North
Pacific, opposed to the Laurentide ice sheet-dominated scenario of
the late Pleistocene.

5. We suggest that the major intensification of Northern Hemi-
sphere glaciation between 2.75 and 2.55 Ma was probably forced by
the culmination of the gradual increase in the amplitude of obliquity
and a sharp rise in the amplitude of precession and, thus, insolation
between 2.8 and 2.55 Ma.
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APPENDIX
Stable Isotope Data, Site 882

Composite
depth
(mbsf)

Age
(ka)

Foraminifer species C. wuellerstorfi
96.32

102.26
104.73
107.41
107.64
108.29
108.87
110.86
117.73
119.15
120.91
122.62
127.03
127.33
127.56
127.91
128.20
128.49
130.24
130.82
131.68
132.26
132.84
134.28
134.49
134.79
135.02
135.02
135.38
135.67
135.97
136.27
137.15
138.35
139.48
140.97
141.32
141.60
141.90
142.19
142.47
142.76
143.04
143.33
143.62
144.15
144.81
145.41
146.01
146.31
146.61
146.91
147.15
147.51
150.51
151.11
151.41
152.12
159.77
163.13

2279.39
2478.17
2577.72
2647.4

2652.71
2673.51
2684.44
2722.78
2792.43
2803.09
2817.00
2831.25
2870.46
2873.22
2875.33
2878.47
2880.76
2883.05
2896.87
2901.45
2907.46
2910.94
2914.43
2923.07
2924.33
2926.13
2927.51
2927.51
2929.68
2931.42
2933.22
2935.02
2940.08
2946.81
2953.14
2961.49
2963.46
2965.03
2966.71
2968.33
2969.90
2971.53
2973.10
2974.72
2976.35
2979.32
2983.29
2987.10
2990.92
2992.82
2994.73
2996.64
2998.16
3000.45
3018.92
3022.56
3024.37
3028.67
3074.12
3106.71

Foraminifer species Uvigerina sp.
102.26
102.75
103.05
107.41
108.01
108.29
108.87
109.45
109.74
110.03
110.86
110.91
115.57
119.15
119.49
119.77
122.05
122.62
123.19
123.52
123.83
127.03
127.33
127.56

2478.17
2500.90
2516.41
2647.40
2665.23
2673.51
2684.44
2695.39
2701.02
2706.66
2722.78
2723.75
2772.22
2803.09
2805.65
2807.75
2826.50
2831.25
2836.00
2838.75
2841.33
2870.46
2873.22
2875.33

Oxygen
isotopes

(‰)

3.83
3.03
4.47
3.43
3.18
3.89
2.99
3.92
2.59
3.62
3.85
2.56
2.39
3.04
2.87
2.89
2.81
2.98
3.11
3.05
2.74
2.48
2.48
3.17
3.10
2.79
2.95
2.45
3.00
2.90
3.01
2.98
2.69
3.51
2.90
2.86
3.07
2.78
2.73
2.56
2.94
2.89
3.73
2.75
3.01
2.96
2.98
3.24
2.94
3.53
3.35
2.99
3.03
3.66
3.66
3.49
3.92
2.28
3.23
3.15

3.42
4.08
3.40
3.78
3.42
4.12
3.47
3.29
3.60
4.52
4.49
4.15
3.34
3.40
3.52
3.42
3.51
3.35
3.50
3.77
3.57
3.55
3.57

Carbon
isotopes

(‰)

-2.27
-0.24

1.90
-1.11
-1.52
-1.77
-0.84
-1.79
-2.28
-2.05
-0.84

0.25
-2.18
-0.39
-1.55
-0.51
-0.07

0.05
0.28

-0.31
-0.06
-0.43
-1.39

0.21
-1.21

0.13
0.20

-1.11
-0.10
-1.10
-0.27
-0.52
-1.42
-1.14
-0.79
-0.69
-1.62
-0.45
-0.20
-0.10
-0.21
-0.19
-1.49
-0.50
-0.34
-0.54
-0.39
-0.50
-2.04
-1.61
-0.75
-0.82
-1.35
-1.63
-2.03
-1.97
-0.50
-0.66
-1.45
-0.43

-0.96
-1.30
-1.30
-0.80
-1.10
-1.22
-0.70
-0.58
-1.43
-1.03
-0.77
-0.91
-0.71

0.30
-1.14
-1.00
-0.33
-1.39
-0.57
-0.51
-0.77
-0.19
-0.48
-0.53

Composite
depth
(mbsf)

128.20
131.11
131.39
131.68
131.97
135.02
135.38
135.67
135.97
141.32
141.60
141.90
142.19
142.47
142.76
143.04
143.33
143.62
146.01
146.91
147.15
147.51
150.51
163.13

Age
(ka)

2880.76
2903.74
2905.72
2907.46
2909.20
2927.51
2929.68
2931.42
2933.22
2963.46
2965.03
2966.71
2968.33
2969.90
2971.53
2973.10
2974.72
2976.35
2990.92
2996.64
2998.16
3000.45
3018.92
3106.71

Foraminifer species G. bulloides
96.32

104.21
104.73
108.01
108.29
108.58
108.82
110.28
110.86
111.76
112.06
112.35
112.55
112.95
113.46
113.80
114.89
115.79
116.31
117.50
117.73
118.07
118.35
118.64
118.92
119.15
119.49
119.77
120.91
121.19
121.76
122.05
122.33
122.62
122.90
123.19
123.52
123.83
124.12
125.29
125.87
127.33
127.56
127.91
128.20
128.49
129.95
130.24
130.47
130.82
131.11
131.39
131.97
131.97
132.84
133.13
133.41
133.99
133.99
134.28
134.49

2279.4
2560.7
2577.7
2665.2
2673.5
2679.0
2683.5
2711.5
2722.8
2734.3
2737.0
2739.7
2741.5
2745.1
2749.8
2752.9
2764.8
2774.6
2780.3
2790.7
2792.4
2795.0
2797.1
2799.3
2801.4
2803.1
2805.6
2807.7
2817.0
2819.3
2824.1
2826.5
2828.8
2831.2
2833.6
2836.0
2838.7
2841.3
2843.7
2854.5
2859.8
2873.2
2875.3
2878.5
2880.8
2883.1
2894.6
2896.9
2898.7
2901.4
2903.7
2905.7
2909.2
2909.2
2914.4
2916.2
2917.9
2921.3
2921.3
2923.1
2924.3

Oxygen
isotopes

(‰)

3.53
3.52
3.47
3.38
3.54
3.69
3.52
3.40
3.49
3.15
3.32
3.26
3.29
3.38
3.48
3.54
3.61
3.38
3.11
3.48
3.59
3.69
3.18
3.38

4.37
3.20
1.83
2.80
3.71
3.34
3.91
3.44
3.17
3.55
3.50
3.54
2.19
2.82
2.69
1.09
1.56
0.86
2.38
2.07
1.60
1.52
2.33
2.32
2.27
2.36
2.59
1.13
2.52
2.25
2.33
2.58
2.66
2.21
1.55
2.86
3.08
2.80
2.78
3.34
2.87
2.58
1.90
1.81
1.93
2.80
2.94
2.15
2.77
2.70
2.64
2.54
2.47
2.66
2.88
2.78
2.45
2.21
2.36
2.30
1.66

Carbon
isotopes

(‰)

-0.31
-0.40
-0.65
-0.79
-0.87
-0.52
-0.21
-0.88
-0.71
-0.69
-0.80
-0.58
-0.87
-0.98
-0.87
-0.92
-1.00
-1.03
-0.80
-1.06
-0.94
-1.11
-1.29
-0.73

-0.21
-0.80
-0.89
-0.20
-0.44
-0.81
-0.55
-0.27
-0.25
-1.31
-0.94
-1.72
-1.20

0.51
-1.14
-0.96
-1.01
-0.96
-0.94
-0.10
-0.63
-0.73
-0.88
-1.15
-0.86
-0.50
-0.85
-1.04
-0.63
-0.74
-0.78
-0.61
-0.51
-0.62
-0.03
-0.01

0.11
-0.09
-0.14
-0.92

0.01
-1.02
-0.40
-0.30

0.05
0.15

-0.59
-0.88
-0.82
-0.11
-0.60
-0.65
-0.26
-0.48
-0.82
-0.87
-0.64
-0.42
-0.46
-0.11
-0.17
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APPENDIX (continued).

INITIATION OF GLACIATION

Composite
depth
(mbsf)

134.79
135.02
135.02
135.38
135.67
135.97
136.27
136.87
137.15
137.46
137.76
137.99
138.35
139.48
140.97
141.32
141.60
141.90
142.19
142.47
142.76
143.04
143.33
143.62
144.15
144.81
145.11
145.11
145.41
145.65
146.01
146.31
146.91
147.15
147.51
147.81
148.41
148.65
149.61
150.15
150.15
150.81
151.11
151.41
151.65
152.12
155.37
157.42
159.77
163.13

Age
(ka)

2926.1
2927.5
2927.5
2929.7
2931.4
2933.2
2935.0
2938.5
2940.1
2941.8
2943.5
2944.8
2946.8
2953.1
2961.5
2963.5
2965.0
2966.7
2968.3
2969.9
2971.5
2973.1
2974.7
2976.4
2979.3
2983.3
2985.2
2985.2
2987.1
2988.6
2990.9
2992.8
2996.6
2998.2
3000.4
3002.4
3006.2
3007.7
3013.5
3016.7
3016.7
3020.7
3022.6
3024.4
3025.8
3028.7
3047.2
3059.3
3074.1
3106.7

Oxygen
isotopes

(‰)

2.66
2.75
2.48
2.63
2.21
2.51
2.31
2.41
2.88
2.42
1.89

2.80
1.67
2.16
2.33
2.70
1.99
2.32
2.62
2.74
2.55
2.97
2.57
2.23
2.41
2.02
2.45
2.81
2.18
2.28
2.74
2.68
2.72
2.59
2.59
1.65
2.49
2.60
2.82
2.80
2.95
2.61
2.42
2.31
1.91
2.34
1.43
2.31
2.51

Foraminifer species iV. pachyderma (R)
96.32

102.26
103.98
104.21
107.41
108.01
108.29
108.58
110.86
111.76
112.35
114.89
115.23
117.50
117.73
118.07
118.35
118.64
118.92
119.15
119.49
119.77
120.91
121.50

2279.4
2478.2
2553.2
2560.7
2647.4
2665.2
2673.5
2679.0
2722.8
2734.3
2739.7
2764.8
2768.5
2790.7
2792.4
2795.0
2797.1
2799.3
2801.4
2803.1
2805.6
2807.7
2817.0
2821.9

3.83
2.76
2.54
3.09
2.92
2.86
3.43
3.29
3.10
3.53
3.35
0.80
2.31
1.33
1.60
1.46
2.15
2.05
2.18
2.72
2.53
1.43
2.71
1.27

Carbon
isotopes

(‰)

-0.57
-0.49
-0.36
-0.58
-0.46
-0.33
-0.54
-0.49
-0.52
-0.98
-0.81
-1.16
-1.11
-1.32
-0.72
-0.64
-0.48

0.01
-0.47
-0.79
-0.92
-0.60
-0.80
-0.46
-0.70
-0.61
-0.38
-0.78
-0.52
-0.72
-0.73
-0.97
-0.84
-0.79
-0.87
-0.95
-1.06
-0.85
-0.95
-1.10
-1.42
-1.19
-1.40
-0.83
-0.91
-0.89
-0.92
-0.97
-0.75
-0.61

-0.02
0.23

-0.18
-0.54
-0.98
-0.41
-0.43
-0.78
-0.20
-1.33
-1.12
-0.68
-0.35
-0.39

0.07
-0.58
-0.25
-0.60
-0.78
-0.31
-0.45
-0.73
-0.44
-0.86

Composite
depth
(mbsf)

121.89
122.24
122.52
122.90
123.19
123.52
123.83
124.12
124.41
124.64
125.00
125.29
125.58
127.33
127.91
128.49
129.95
130.24
131.80
132.84
133.13
133.99
134.28
134.49
134.79
135.02
135.38
135.67
136.27
136.87
137.46
137.99
141.32
141.60
141.90
142.19
142.47
142.76
143.04
143.62
144.15
144.81
145.65
146.01
146.31
146.61
146.91
147.15
148.41
148.65
150.15
150.51
150.81
152.12
159.77
163.13

Age
(ka)

2825.2
2828.1
2830.4
2833.6
2836.0
2838.7
2841.3
2843.7
2846.4
2848.5
2851.8
2854.5
2857.1
2873.2
2878.5
2883.1
2894.6
2896.9
2908.2
2914.4
2916.2
2921.3
2923.1
2924.3
2926.1
2927.5
2929.7
2931.4
2935.0
2938.5
2941.8
2944.8
2963.5
2965.0
2966.7
2968.3
2969.9
2971.5
2973.1
2976.4
2979.3
2983.3
2988.6
2990.9
2992.8
2994.7
2996.6
2998.2
3006.2
3007.7
3016.7
3018.9
3020.7
3028.7
3074.1
3106.7

Oxygen
isotopes

(‰)

2.27
2.24
2.15
2.33
2.44
3.09
3.11
2.68
1.14
2.44
1.63
3.15
0.38
2.51
1.66
2.55
2.97
2.05
2.03
2.78
2.66
2.29
2.20
1.98
2.59
2.78
2.57
2.40
2.26
1.99
2.34
2.93
2.80
2.45
1.61
2.29
2.51
2.43
2.36
2.57
2.36
2.25
2.57
2.07
2.51
2.20
2.25
2.32
1.91
2.76
2.74
2.85
2.51
1.66
1.94
2.31

Foraminifer species N. pachyderma (L)
108.58
108.87
109.74
110.03
110.32
110.91
111.20
112.35
114.08
118.35
119.15
121.50
122.52
127.03
150.51
151.65
152.51

2678.98
2684.44
2701.02
2706.66
2712.29
2723.75
2729.18
2739.68
2755.95
2797.09
2803.09
2821.92
2830.42
2870.46
3018.92
3025.82
3030.96

3.27
2.08
3.14
3.71
3.80
3.42
3.86
3.62
2.06
2.12
2.40
1.34
2.31
1.77
2.89
2.14
2.43

Carbon
isotopes

(‰)

-0.45
-0.40
-0.59
-0.30
-0.06

0.01
0.05

-0.46
-1.38
-0.75
-2.84
-1.18
-0.74
-0.35
-0.26

0.03
-0.57
-0.56
-0.92
-0.57
-0.94

0.24
0.04
0.53

-0.15
-0.24
-0.51
-0.13

0.17
-0.12
-0.67
-0.83

0.02
0.04

-0.12
0.02

-0.55
-0.04
-0.43
-0.19
-0.75
-0.70
-0.27
-0.55
-0.63
-0.56
-0.91
-0.75
-0.99
-0.92
-1.22
-1.42
-1.24
-0.77

0.02
-0.27

-0.79
-0.95
-0.20
-0.64
-0.67
-0.34
-0.69
-1.66
-1.24
-0.41
-0.84
-0.64
-0.59
-0.46
-1.36
-0.79
-0.65
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